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Intraseasonal variability of tropical Atlantic sea-surface temperature:
air–sea interaction over upwelling fronts
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Tropical Atlantic sea-surface temperatures (SSTs) maximum intraseasonal variability (ISV)
and their interaction with local surface winds are investigated, applying statistical analysis
to observations and to a recent coupled reanalysis over the 2000–2009 decade. Five cores
of strong ISV emerge, with standard deviation reaching about 1 ◦C in frontal areas of the
three main upwelling systems: equatorial, Angola-Benguela and Senegal-Mauritania (the
southern side of the Canary upwelling). West of 10 ◦W along the Equator, a 20–60-day
peak caused by tropical instability waves is shown to generate surface wind anomalies
through the adjustment of the horizontal surface pressure gradient in addition to the
modification of near-surface atmospheric stratification. East of 10◦W along the Equator,
an intense biweekly oscillation increases the ocean and atmosphere ISV. In the two coastal
upwelling fronts, intraseasonal SST anomalies resemble each other. They are shown to
be influenced by coastal Kelvin waves in addition to large-scale wind forcing. Over the
Angola-Benguela upwelling, coastal wind bursts controlling the SST ISV are associated
with anomalously strong pressure patterns related to the Madden–Julian Oscillation, the
St Helena anticyclone and the Antarctic Oscillation. In the Senegal-Mauritania upwelling,
the wind anomalies mainly linked to the Azores anticyclone in the southern front during
November to May appear to be connected to the Saharan heat-low in the northern front
from June to September. In all five regions and as expected for such upwelling regimes,
vertical oceanic mixing represents the dominant term in the mixed-layer heat budget. In the
equatorial band, as found in previous studies, horizontal advection is equally important,
while it appears surprisingly weak in coastal fronts. Finally, a striking result is the general
lack of surface wind signal related to the SST ISV in the coastal upwellings.
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1. Introduction

The influence of sea-surface temperatures (SSTs) on the low-level
atmospheric circulation has become evident in observations only
over the past decade, from satellite measurements of SST and
surface winds. Before the advent of satellites, analyses of coarse-
resolution ship observations in conjunction with coupled climate
modeling on similarly coarse scales have generally found a nega-
tive correlation between SST and wind speed (Xie, 2004, and ref-
erences therein). This negative correlation at large scale has been
interpreted as the ocean passively responding to wind-induced
latent and sensible heat fluxes (i.e. a one-way forcing of the ocean
by the atmosphere). However, SST and wind from satellite prod-
ucts reveal that in regions of strong oceanic fronts and eddy activ-
ity, such as the Agulhas Return Current, the Gulf Stream region
and the Pacific or Atlantic equatorial upwelling regions, surface

wind speed is stronger locally over warm waters and weaker over
cold waters. This positive correlation signature is interpreted as
SST forcing local atmospheric circulation (Small et al., 2008).

Two complementary mechanisms for this oceanic influence
on surface winds have been identified. First, cooler SSTs tend
to stabilize the atmospheric column and decrease the vertical
momentum flux, and decelerate the surface winds. Conversely,
warmer SSTs increase the turbulent mixing in the marine
atmospheric boundary layer, which increases surface winds
(Sweet et al., 1981; Hayes et al., 1989; Wallace et al., 1989; Xie,
2004). Because of this mechanism (hereafter referred to as ‘SW’,
from Sweet et al. (1981)), regions with very sharp SST fronts
are very sensitive to the coupling between SST and surface winds
(Xie, 2004; Small et al., 2008). Second, as the air temperature
and moisture respond to surface fluxes, the atmospheric pressure
changes (Lindzen and Nigam, 1987). This leads to a spatial
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Figure 1. (a) Maximum of the monthly-averaged climatological root-mean-square (r.m.s.) of daily SST anomaly (<90-day filtered, 2000–2009, shading, in ◦C)
and annual mean SST (black contours, in ◦C). (b) Month (shading) and maximum value (black contours, in ◦C, same as shading in (a)) of the monthly-averaged
climatological r.m.s. of SST anomaly. White boxes represent index areas.

pressure gradient which can drive secondary circulations (Wai
and Stage, 1989). This mechanism will be hereafter referred to as
‘LN’ (from Lindzen and Nigam (1987)).

In the SW mechanism, the response to SST changes in the
atmospheric mixed layer is immediate (i.e. within a few hours in
the first 100–200 m), while in the LN mechanism it takes 1 or
2 days for the entire atmospheric boundary layer (600–2000 m)
to adjust (Leduc-Leballeur et al., 2013; de Coëtlogon et al., 2014).

SST variability in the tropical Atlantic is primarily governed by
the seasonal evolution of winds (Xie and Carton, 2004). At the
Equator, this seasonal cycle is characterized by the development
of a cold tongue during boreal summer (e.g. Caniaux et al.,
2011). Although the semi-annual cycle of surface winds is much
weaker than their annual cycle, it is considered as the dominant
explanation for variations of sea-surface height (SSH) and zonal
currents in the cold tongue from March to August according to
a numerical study by Ding et al. (2009). Using observed data,
Foltz et al. (2013) reveal that between May and July, as well as in
November, the equatorial seasonal cycle of oceanic mixed-layer
heat content is balanced by a semi-annual cycle of strong turbulent
mixing that cools the mixed layer. An intense meridional SST front
therefore appears between the colder upwelling and the warmer
off-equatorial waters in the central and eastern basin (Flament
et al., 1996; Kennan and Flament, 2000), within which occur
prominent intraseasonal fluctuations that are visible from satellite
imageries and historical observations (e.g. Chelton et al., 2001;
Chelton and Xie, 2010). Similar features are also observed along
West Africa and Angola-Benguela coasts during boreal summer
and winter respectively (Chelton et al., 2004): the seasonal surface
winds induce coastal upwellings and intense SST fronts with
strong intraseasonal fluctuations (Figure 1).

However, ocean and atmosphere interaction at the intrasea-
sonal time-scale remains still less documented over the tropical
Atlantic compared to the tropical Pacific and off-tropical regions
of strong eddy activity (see the reviews by Small et al. (2008); or
Chelton and Xie (2010)). This is particularly surprising consid-
ering that all climate models exhibit strong and systematic SST
biases in the eastern tropical Atlantic (e.g. Davey et al., 2002;
Richter et al., 2014) that develop within a few weeks (Huang
et al., 2007), involving the interaction of oceanic and atmospheric
processes at an intraseasonal time-scale. It is therefore of first
importance to describe the SST intraseasonal variability (ISV) in
this part of the basin and understand the mechanisms at stake, in
particular whether ocean and atmosphere are coupled.

Along the Equator, Athié and Marin (2008) show that the
strongest SST ISV is dominated by 20–40 and 10–20-day time-
scales, respectively west and east of 10◦W in boreal spring and
summer. Many studies of the equatorial Tropical Instability

Waves (TIW) signal have defined them as the main driver of SST
ISV in the central tropical Atlantic region (e.g. Seo et al., 2007;
Giordani et al., 2013; Jouanno et al., 2013). They demonstrate
the major role of TIW-induced horizontal advection and vertical
mixing in the generation of intraseasonal SST anomalies (there-
after SSTAs). The near-surface atmosphere has also been shown
to be forced by the TIW-induced SSTAs according to Caltabiano
et al. (2005). The latter show particularly that local intraseasonal
surface wind anomalies appear to be explained by the SW mecha-
nism. However, the LN mechanism is also at stake, as shown in the
present article. East of 10◦W, de Coëtlogon et al. (2010) suggest
that the ISV exhibits the signature of a negative SST–surface wind
feedback, which increases a quasi-biweekly variability in both
parameters. Using forced oceanic simulations, they show that the
main drivers of equatorial SSTAs are horizontal advection, and
vertical entrainment and diffusion. They also show evidence that
both SW and LN mechanisms influence the surface wind.

Along southern African coasts, Hermes and Reason (2009)
reveal that the SST ISV is maximized at the Angola-Benguela
front (hereafter ABF). They also show that ISV over this region
is dominated by 20–30 and 30–64-day regimes for the wind
and SST respectively, with some overlap. Although, authors
provide elements suggesting that the fluctuations of the ‘Angola
low’ generate the wind anomalies and SST ISV is driven by
Ekman dynamics, they however do not analyse the physics of the
interaction mechanisms.

Further south (off Namibia near 26◦S) a secondary SST ISV
maximum of smaller extension is studied by Goubanova et al.
(2013). They detect two dominant regimes: a 2–30-day regime,
and a 30–90-day regime. Also without exploring the SST–wind
interaction mechanisms, they suggest that SSTAs remain
controlled by Ekman dynamics. Furthermore, they reveal that
the large-scale atmospheric forcing comes from the intraseasonal
component of the Antarctic Oscillation (AAO), which may be
influenced by the passing of the Madden–Julian Oscillation (MJO:
Madden and Julian, 1971) according to Foltz and McPhaden
(2004). The latter hypothesize that the MJO may propagate from
the Indo-Pacific Ocean into the Atlantic and affect the AAO
and the North Atlantic Oscillation (NAO) in the Southern and
Northern Hemispheres respectively. Cassou (2008) argues that
the MJO penetration along the mean storm track in the North
Atlantic (40–60◦N) is associated with dominant anticyclonic
synoptic-scale wave breaking (AWB) known as a precursor of the
NAO+ regime (from a lag of 10–15 days onwards). Pohl and
Fauchereau (2012) suggest that the preferred range of variability
of the AAO is intraseasonal, with 34% (62%) of the total AAO
variability confined in the 35–63 (18–117) day frequency band,
and can have a strong impact on the regional climate variability of
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the Southern Hemisphere. The possible influence of the MJO on
tropical Atlantic SST ISV is thus briefly investigated in this article.

Moreover, as discussed in Yamagata and Iizuka (1995) and in
Doi et al. (2007) respectively from climatology and interannual
perspectives, planetary coastal trapped waves (hereafter CTWs)
form another important potential forcing mechanism along the
African coasts. They exhibit intense ISV at least between about
15◦ North and South (Polo et al., 2008). However, statistically
significant evidence of their expected impact on SST ISV is
still sparse. Goubanova et al. (2013) show that near 26◦S at
the coast the energy of the second baroclinic mode peaks at
intraseasonal periods very close to those of SST. (Wade et al.,
2015) find maximum correlation between SSH and SST ISV near
the location of African coastal upwelling fronts. He provides
evidence that a CTW of standard amplitude can cause an SSTA
of about 0.5 ◦C in this frequency band, depending on the season.

The main goal of the present study is to provide a synthesis
and statistically robust view of the largest SST fluctuations at
intraseasonal time-scales (i.e. in the 10–90 day range) in the
tropical Atlantic, and investigate their nature and main causes.
We are particularly interested to know whether signals of an
active air–sea coupling, as the one found in the equatorial
upwelling east of 10◦W (de Coëtlogon et al., 2010), can be
detected in the other upwelling systems. Documenting the
oceanic ISV is indeed particularly important in view of improving
knowledge of the ecosystem affected by coastal upwelling and
of the marine resources, especially at a time-scale of a few weeks,
since it could offer precious predictability skill.

The article is organized as follows. Datasets and methods are
presented in section 2, along with the identification of maximum
SST ISV locations. Characteristics of the latter and their possible
origins and/or coupling with the atmosphere are described in
the fronts of eastern equatorial, Angola-Namibia and Senegal-
Mauritania upwellings respectively in sections 3, 4 and 5. A
summary and short discussion is presented in the last section.

2. Data and methods

2.1. Data

Surface wind vectors are provided by the QuikSCAT (Quick
Scatterometer) satellite (Liu et al., 2000) available from the
Remote Sensing Systems website (http://www.remss.com) as 3-
day running means on a 0.25◦ × 0.25◦ grid between 2000 and
2009. A two-dimensional cubic-spline interpolation first fills
the gaps due to clouds for each available day, and then a linear
temporal interpolation at each grid point completes the 15 missing
days over the decade.

The high-resolution SST product developed using optimum
interpolation, the Advanced Very High Resolution Radiometer
(AVHRR) infrared satellite SST data, and in situ data from ships
and buoys (Reynolds et al., 2007) have been retrieved thanks to the
US National Oceanic and Atmospheric Administration - National
Climatic Data Center (NOAA-NCDC) ftp site (http://www.
ncdc.noaa.gov) with 0.25◦ spatial grid and daily resolution.

In addition, SSH from Topography EXperiment (TOPEX/
Poseidon) altimetry measurements with 0.5◦ horizontal res-
olution and 7-day time resolution produced and dis-
tributed by Archiving, Validation and Interpretation of
Satellite Oceanographic data (AVISO) is also used, as
well as NOAA daily outgoing long-wave radiation (OLR)
data (ftp://ftp.cpc.ncep.noaa.gov), and KNMI daily climate
indices (NAO, AAO; http://climexp.knmi.nl/selectdailyindex.
cgi?id=someone@somewhere).

Reanalysis from the Climate Forecast System Reanalysis (CFSR:
Saha et al., 2010) are retrieved from the National Centers for
Environmental Prediction (NCEP) site (www.ncep.noaa.gov). A
distinctive characteristic of CFSR is that it is performed with
a coupled ocean–atmosphere model, which is shown to better
describe the air–sea interaction in the eastern tropical Atlantic

Table 1. Acronyms, definitions and longitude–latitude boundaries of SST indices
used in this study.

Indices
acronyms Full names Areas

NWCTI North-Western Cold Tongue
Index

11–15◦W/0.5–2.5◦N

NECTI North-Eastern Cold Tongue Index 3–7◦W/0.5◦S–1◦N
ABFI Angola-Benguela Front Index 225 km offshore/15–18◦S
SMFSI Senegal-Mauritania Front South-

ern Index
17.5–19◦W to 11–14◦N

SMFNI Senegal-Mauritania Front North-
ern Index

225 km offshore/19.5–22◦N

than the ERA-Interim (European Centre for Medium-Range
Weather Forecasts Re-Analysis: de Coëtlogon et al., 2014). The
data are available on a 0.5◦ × 0.5◦ horizontal grid, with vertical
atmospheric profiles retrieved on 27 levels from 1000 to 100
hPa. Daily means of the 6-hourly parameters are used over the
2000–2009 decade.

2.2. Methods

2.2.1. Building indices of regional ISV

In order to identify the location and season of maximum SST ISV,
SST is first high-pass filtered using a Lanczos filter with a 90-day
cut-off, thereby removing seasonal and interannual time-scales.
The root mean square (r.m.s.) of the remaining SST anomaly
(SSTA) is then performed to evaluate the SST ISV evaluation.
Monthly climatological values of the SST ISV are computed, and
their maximum selected (Figure 1(a)).

Not surprisingly, the anomalies of largest variance within
tropical areas are found in the frontal regions of main upwelling,
where the mean SST gradients are relatively strong: the equatorial
upwelling fronts (0–15◦W), the front of the Canary upwelling
(around 18◦W and 10–23◦N), and the Angola-Benguela front
(ABF) (near 12◦E and 20 to 10◦S). Maximum SST ISV generally
occurs in late spring and summer in each hemisphere (i.e. in
May–September north of the Equator, and in November–March
south of the Equator, Figure 1(b)), when the wind is generally
weaker and the ocean mixed layer shallower. Because of a
decreased oceanic thermal inertia of the latter, heat fluxes
(horizontal and vertical) effects on SST are increased, leading
to large anomalies, especially in regions with large SST gradients.
For each upwelling region, detailed scans of time–latitude or
time–longitude variability of SSTAs are used to determine
precisely, areas and times of the year that correspond to maximum
ISV. SST and wind averaged in these boxes are thereafter used as
indices (see Table 1 for more details).

2.2.2. Surface wind–SST covariance

For the three emphasized regions, two sub-areas of special interest
are selected over the Equator, one along the Angolan-Namibian
coast, and two off Senegal-Mauritania, leading to a total of
five SST indices. Five corresponding surface wind speed indices
are also computed, by averaging the surface wind speed in the
same boxes (Figure 1). The r.m.s. of each index is normalized
to 1. In order to detect time-frequency variations within these
indices, wavelet analysis (see details in Torrence and Compo,
1998) with a continuous wavelet transform based on the Morlet
function (wo = 6) is used following Goubanova et al. (2013).
After computing the wavelet transform using daily and full
(2000–2009) normalized indices, we average the global power
spectrum for each calendar month, thereby documenting the
seasonal cycle of variance maximum and frequency ranges.
Significance levels are determined from a χ2 distribution, using
a background spectrum defined as a first-order autoregressive
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process having the same autocorrelation at lag −1 as our data
(Torrence and Compo, 1998).

2.2.3. Lagged linear regression

Once a frequency range is identified in one of the SST indices,
lagged linear regressions of atmospheric and oceanic fields are
performed onto this index. In order to map associated spatial
and temporal patterns for the given frequency range, the index
and all parameters (atmospheric and oceanic) are band-passed
in this specific frequency range (still with a Lanczos filter)
before performing the regression. The lagged regression provides
useful insight on the linear relationship between SST and the
atmospheric circulation, the latter being potentially recognized as
a cause (at negative lags) or consequence (at positive lags) of the
SSTAs. It consists of computing a simple correlation at each grid
point between the lagged anomalous field and the index, weighted
by the r.m.s. of the field. We choose to present the anomalous
patterns that are linearly correlated with a negative one standard
deviation of the index (which amounts to about 1 ◦C for the five
indices, see Figure 1(a)), but as this analysis is linear, opposite
patterns are of course just as significant. Only correlations above
the 90% significance threshold (meaning that the null hypothesis
is rejected with a risk of 10% of being wrong) are shown.

Linear regression maps are shown at different carefully chosen
lags, in order to present the most extensive view of the regression
patterns for each SST index (Figures 3, 5, 8, 12 and 15). The
temporal evolution of the wind–SST interaction is also examined
locally, through the lagged regression of the surface wind speed
and SST averaged over the same index boxes (Figures 4, 6, 9, 13
and 16). This timing diagnostic is also extended to the three main
terms of the oceanic mixed-layer heat budget (see next paragraph
for details on how these are estimated).

2.2.4. Heat budget for the oceanic mixed layer

The heat budget of the surface mixed layer is computed using
ocean and atmosphere parameters from the CFSR (available
every 6 h on a 0.75◦ × 0.75◦ grid). SST and surface currents are
computed by averaging temperature and velocities in the oceanic
mixed layer, whose depth h is an output of the reanalysis. As it is
computed off-line, this budget must be considered as a first-order
estimate. Therefore, we only compute the terms associated with
surface heat fluxes and horizontal advection. The rest is considered
as the residual, and it is assumed to include all heat fluxes through
the base of the mixed layer (vertical entrainment and diffusion)
as well as subgrid-scale processes. Intraseasonal anomalies are
performed as defined previously (i.e. high-pass filtered under
90-day periods). The tendency equation for SSTA (denoted as T ′)
is (see for example Peter et al., 2006; de Coëtlogon et al., 2010):

∂T ′

∂t
= Q′

h − Q′
a − Q′

r

ρoCph
,

where ρ = 1023 kg m−3; Cp = 3985 J kg−1 K−1; h, the
mixed-layer depth; Q′

h, the anomaly of net surface heat flux;
Q′

a, the anomalous horizontal advection (i.e. the advection of
SSTA by the mean current, plus advection of the mean SST by
anomalous currents); and Q′

r, the anomalous residual. Q′
h and

Q′
a are formulated as follows:

Q′
h = LHFL′ + SHFL′ + LWR′ + NPSWR′,

Q′
a = u′ �T̄

�x
+ v′ �T̄

�y
+ ū

�T ′

�x
+ v̄

�T ′

�y
,

with LHFL′, SHFL′, LWR′ and NPSWR′ representing respectively
the latent, sensible, long-wave, and non-penetrative short-wave
radiative heat fluxes. ū and v̄ are the mean zonal and meridional
surface current in the corresponding period, u′ and v′ their

anomalies. T̄ is the mean SST in the corresponding period and
T ′ its anomaly. Flux values are taken positive downward, i.e.
a positive surface heat flux anomaly warms up the ocean and
damps a cold SST anomaly. Finally, as in de Coëtlogon et al.
(2010), NPSWR′ is computed as follow:

NPSWR′ = SWR′(1 − 0.58 ∗ exp(−h/0.35)

+0.42 ∗ exp(−h/23))

where SWR′ is the short-wave radiative flux.

2.2.5. Wave-tracking method description

Wave tracks are defined along the Equator, as well as northward or
southward along the African coast in order to document potential
oceanic equatorial Kelvin waves (EKWs) and CTW propagation.
The distance between two grid points is 0.25◦ (∼25 km) following
the resolution of Reynolds SST. In the north, the track moves
westward along the Guinean coast and continues northward up
to 30◦N, having twice as many track points than the south,
where the track runs down to 25◦S along the southern African
coast. Note that both north and south wave tracks share the first
270 points corresponding to the equatorial Atlantic. As in Polo
et al. (2008), following the coastline along different isobaths (0,
200, 400, 1000 m) does not make substantial differences, and
no remarkable property changes are found (not shown). Here,
the term ‘Kelvin wave’ refers to equatorial and coastally trapped
propagation, even though the coastal wave may be a mix of
Kelvin and topographic waves. SSH, SST and surface wind signals
are built along these tracks, and their linear lagged regression
performed onto the coastal SST indices.

3. The equatorial zone

Figure 2(a) shows the seasonal r.m.s. of intraseasonal anomalies
of SST and surface wind, as well as the monthly SST climatology
along the Equator (2◦S–2◦N). Maximum SST variance is observed
from May to August. During this period, as documented in
previous studies (e.g. Gu and Adler, 2004; Okumura et al., 2006;
Caniaux et al., 2011; Giordani et al., 2013), SST fluctuations
are dominated by the development of a seasonal cold tongue
resulting from a shallower thermocline and thinner mixed layer
induced by stronger southeasterly trade winds. As a consequence,
two maxima of SST intraseasonal variance frame the Equator in
the central and eastern basin in May–August: one between 11
and 15◦W, and another one between 3 and 7◦W (Figure 2(a)).
Time–latitude plots show that their positions coincide with
the northern front of the cold tongue, with quite a large
meridional extent between 0.5 and 2.5◦N for the western index
(Figure 2(b)), and between 0.5◦S and 1◦N for the eastern one
(Figure 2(c)). Two areas for the equatorial indices are therefore
selected: 11–15◦W/0.5–2.5◦N (thereafter named ‘North-Western
Cold Tongue Index’ or NWCTI), and 3–7◦W/0.5◦S–1◦N (as
‘North-Eastern Cold Tongue Index’ or NECTI). Note that these
two locations correspond respectively to the poles of the first
and second modes found when performing empirical orthogonal
function (EOF) decomposition with intraseasonal SSTAs over the
eastern tropical Atlantic (not shown). An interesting feature is
that the maximum intraseasonal variance of the wind velocity
is also found roughly over these two areas (around 1 m
s−1, Figure 2(b,c)), suggesting three possibilities: SST passively
responds to wind fluctuations, wind passively responds to SST,
or SST and wind are coupled.

Wavelet analysis of SST indices shows that they both exhibit
maximum variance in June–July. The meridional SST gradient is
largest in boreal summer, and SSTAs induced by the displacements
of the front are most variable also during this period. The
NWCTI SST power spectrum is significant between 20- and 70-
day periods (Figure 2(d)), whereas for the NECTI this range
extends down to 10-day. In the NCWTI, the variance peaks
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(a)

(d) (e)

(b) (c)

Figure 2. Monthly climatology (2000–2009), averaged between (a) 2◦S and 2◦N, (b) 15◦W and 11◦W and (c) 7◦W and 3◦W, of SST anomaly r.m.s. (shading, intervals
of 0.1 ◦C), SST (black contours, intervals of 0.5 ◦C), and surface wind anomaly r.m.s. (white contours, intervals of 0.2 m s−1). (d,e) Normalized wavelet power
spectrum of NWCTI and NECTI SST (shading) and wind (black contours, intervals of 1 unit) indices. Heavy green (resp. black) contours show the 90% confidence
level for the SST (resp. wind).

around 25-day in June–July. A peak around 25-day is also found
in the NECTI, but weaker and only in July, together with another
peak centred around 15-day in June–July (Figure 2(e)). Both
wind indices (NECTI and NWCTI) present significant peaks
from 8- to 18-day between March and July (Figure 2(d,e), black
contours), with maximum values around 10-day in April for the
NWCTI, and 15-day in May–July for the NECTI. No significant
peaks are found in the wind spectrum between 20 and 70 days
(Figure 2(d,e)). SST low frequencies (20–70 days) in these two
regions must then originate from ocean dynamics alone. In
April–May, the 10-day peak found in the two wind indices
does not match any significant peak in the oceanic spectrum.
In June–July two SST–wind covariabilities are observed around
10-day (NWCTI) and 15-day (NECTI) periods. They support the
possibility that they derive from active air–sea interaction. This
hypothesis is explored through lagged linear regression of 10–20-
day band-passed parameters. In addition, lagged regressions are
also performed on the 20–60-day band-passed parameters, in
order to investigate the potential influence of SST on surface
wind at this frequency range. Regressions in the two frequency
ranges exhibit very similar patterns for both indices. Although
no corresponding significance is found in the local spectrum,
the wind response to SSTAs could indeed be spatially shifted.
We thereafter focus only on the most variant ranges in the SST
spectrum for each index: 20–60-day in June–July for the NWCTI
(preferred over 20–70-day, because slightly more significant) and
10–20-day in May–June–July for the NECTI.

3.1. Lagged linear regressions on the NWCTI

Figure 3 shows the regression on the NWCTI. SSTAs present
a very clear westward propagation feature, with a period of
about 35 days and speed of 30–60 cm s−1. These properties are
very close to the characteristics of TIW (e.g. Düing et al., 1975;
Qiao and Weisberg, 1995; Wainer et al., 2003; Caltabiano et al.,

2005; Jochum et al., 2005; Bunge et al., 2006, 2007; Athié et al.,
2009). As discussed by Athié et al. (2009), and further confirmed
by Jouanno et al. (2013), the oceanic TIW signature appears
as mixed Rossby–Yanai waves and controls the equatorial SST
fluctuations west of 10◦W in boreal spring and summer.

Note that in addition to the temporal high-pass filtering, sea-
level pressure (SLP) is also spatially filtered before computing
the linear regression following Chelton et al. (2001, 2005). This
allows us to remove all large-scale features having longitudinal
wavelengths larger than 10◦. Positive (negative) SLP anomalies
clearly coincide with negative (positive) SSTAs, suggesting that
small-scale SLP perturbations are controlled by local SSTAs
(Figure 3). Wind anomalies appear sometimes clearly directed
from high to low pressure centres, which corresponds to the
signature of the LN mechanism (O’Neill et al., 2010b). However,
in agreement with Caltabiano et al. (2005), the SW mechanism
appears here as the dominant one. Indeed, as the meridional
component dominates the mean wind field in this region, its
response to SSTAs follows a southward (northward) acceleration
over colder (warmer) water, causing divergence (convergence)
over the negative (positive) equatorial SSTAs. Also, locally
averaged observed SST and surface wind projection on the
NWCTI (Figure 4(a)) clearly shows that wind anomalies vary
in phase with SSTAs, meaning that the delay of wind response to
SSTAs is very short (less than 1 day), which is coherent with the
SW mechanism (de Coëtlogon et al., 2014).

Oceanic heat budget analysis suggests that the main term
controlling the growth and decay of the SSTAs is the
horizontal oceanic advection, followed by the residual (assumed
to correspond mostly to vertical entrainment and diffusion,
Figure 4(b)). Surface heat fluxes are totally negligible here. These
results (from off-line heat budget with CFSR oceanic parameters)
confirm previous studies (Seo et al., 2007; Giordani et al., 2013;
Jouanno et al., 2013), with on-line heat budget. Although
significantly impacted, the TIW-induced wind perturbation
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Figure 3. Lagged regressions of Reynolds SST anomaly (shading, ◦C, intervals
of 0.1 ◦C), QuikSCAT surface wind anomaly (arrows) and CFSR SLP anomaly
(contours, intervals of 1 Pa) onto NWCTI. All time series have been band-pass
filtered between 20 and 60 days before the regression, and only months from June
to July are selected. Only 10% significant SST and wind anomalies are plotted.
The heavy black contour represents the 10% significant SLP anomaly, plain for
positive, dashed for negative. The NWCTI leads at negative lags. Lags are in days,
from top to bottom. The white box at lag 0 indicates the index box.

appears therefore not favourable to wave-train propagation
through air–sea coupling. The wind anomalies created by SSTAs
tend to damp the latter through horizontal advection. For
example, the cold SSTA around 13◦W–1◦N at lag 0 decreases
the overlying wind (Figure 3) and then the northward advection
of surface water around the front, leading to damping in turn the
cold SSTA (from −1 ◦C at lag 0 to 0 ◦C at lag 8).

3.2. Lagged linear regressions on the NECTI

Figure 5 shows the regression of SST, SLP and surface
wind anomalies on the 10–20-day band-passed NECTI in
May–June–July. At lag −6 (i.e. 6 days before the coldest SSTAs),
significant surface wind anomalies are found in the eastern
equatorial Atlantic, together with a characteristic pattern in the
SLP (Figure 5). This means that the equatorial SSTAs (which
by definition reaches about −1 ◦C at lag 0) are mainly cooled
by wind acceleration, driven 6 days earlier by an anticyclonic
pressure pattern in the southern Subtropics. The most important
processes in this cooling are the residual (supposed to mainly
represent the vertical mixing and diffusion in the heat budget
equation), and the horizontal advection (Figure 6). Between lags
−10 and −3, the wind is stronger than normal, which increases the

(a)

(b)

Figure 4. Lagged regressions on the NWCTI of: (a) Reynolds SST (red, ◦C) and
QuikSCAT surface wind (blue, m s−1), (b) CFSR heat-budget terms (◦C day−1):
tendency (red), net heat flux (black), total horizontal advection (magenta), and
residual (blue), averaged in the NWCTI area. Crossed parts of curves represent
non-significant values (using the same test as in Figure 3). All time series have
been band-pass filtered between 20 and 60 days, and only months from June to
July are selected.

vertical oceanic mixing and drags colder waters northwestward
from the cold tongue. This is in agreement with previous studies,
which show that in this region the wind creates SSTAs mostly
through enhanced vertical diffusion and horizontal advection
(de Coëtlogon et al., 2010; Jouanno et al., 2011, 2013; Giordani
et al., 2013).

After lag −3, the wind anomaly weakens because the SST
cools down, probably through both LN and SW mechanisms (de
Coëtlogon et al., 2014). This reduces the horizontal advection and
the residual after a few days. The cold SSTA reaches a minimum
at lag 0, before damping within a few days (Figure 6). The wind is
the weakest at lags 1 or 2 (i.e. in 1 or 2 days after the minimum of
SSTA), with southward anomalies (Figure 5). The surface wind
therefore responds to the SST in 1 or 2 days, while the SST
responds in 5–6 days. This SST–wind negative feedback leads to
an oscillation with a half period of about a week.

The strong quasi-biweekly variability of both SST and surface
wind observed in the equatorial front region east of 10◦W would
then largely come from an air–sea coupling around the Equator,
as discussed in de Coëtlogon et al. (2010, 2014), rather than from
TIW-like wave dynamics which raise the variance of the 20–60-
day periodicities further west (Figure 2(e)). The NWCTI and
NECTI therefore involve both LN and SW mechanisms for the
wind response to SST fluctuations, and both horizontal advection
and vertical mixing for the SST response to wind. However, east
of 10◦W (NECTI), the air–sea coupling is very strong, which
explains a dominant 15-day variability peak in May–July for both
SST and wind (Figure 2(e)), while this peak is more modest west
of 10◦W (NWCTI), where the wind responds rather passively
to the TIW-like SSTAs in the 20–60-day periodicity range
(Figure 2(d)).

4. The Angola-Benguela front

In this section, we focus on the offshore Angola-Namibia region,
especially the ABF. The maximum of SST ISV extends as far
as 200–300 km offshore (Figure 1). The intraseasonal r.m.s.
of SST is therefore averaged in the 225 km zone off the coast
before performing its time–latitude seasonal cycle (Figure 7(a)).
Seasonal cycles of SST mean and wind r.m.s. are also plotted,
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Figure 5. Same as Figure 3, but for the NECTI: all time series have been band-pass filtered between 10 and 20 days, and only months from May to July are selected.
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Figure 6. Same as Figure 4, but for the NECTI: all time series have been band-pass
filtered between 10 and 20 days, and only months from May to July are selected.

allowing for comparison of the SST ISV with the climatological
position of the SST front and local wind ISV.

At the ABF, an SST r.m.s. of up to 1.1 ◦C is found from
December to June around 17◦S, but the maximum wind ISV
occurs between June and September. This seasonal shift between
SST and wind peak variance appears more clearly in the wavelet
analysis of the SST and wind indices averaged between 15 and
18◦S in the 225 km zone off the Angolan-Namibian coast, where
the SST ISV is strongest (Figure 7(b)). The SST index (thereafter
‘Angola-Benguela Front Index’ or ABFI) exhibits significant
variance between 30 and 80 days from December to June, with
apparently distinct signals around 40- and 55-day periods, while
no clear significant peak is found in the wind spectrum during
this period at these time-scales.

The seasonal shift found in maximum variances (in
June–September for the wind, in December–July for the SST)
suggests that the wind does not significantly force SST. However,
SSTAs variance results from the intensity of the background low-
frequency SST gradients and mixed-layer depth. The horizontal
gradient is indeed maximum in November–June (4 ◦C over the
ABFI latitudinal extension, instead of 3 ◦C from July to October,
Figure 7(a)), as is the vertical gradient, since it is a frontal region
of outcropping isotherms. Therefore wind anomalies, even weak,
could produce strong SSTAs in this period (see Goubanova

et al. (2013) for more details). On the other hand, Polo et al.
(2008) and Goubanova et al. (2013) find that the climatological
amplitude of EKWs and CTWs is also larger during this period.
SST fluctuations could then also be remotely forced through
EKWs and CTWs. These two scenarios are explored here below.

Atmospheric and oceanic patterns associated with the 30–80-
day regime during ISV maximum (from December to June) are
investigated with lagged linear regressions (Figure 8). The cold
SSTAs develop within about 2 weeks, together with strong south-
easterly along-shore wind anomalies driven by large-scale anticy-
clonic SLP anomalies, with one centre near 5◦E/22◦S and a second
one at midlatitudes (see lag −9). These SLP anomalies (thereafter
called ‘SLP ABFI’) remain stationary for about 8 days (only lags
−9 and −4 are shown here) and increase until their two signifi-
cant centres connect with each other. The lead and lag correlation
between the AAO and ABF indices presents a significant (negative)
correlation around lag 0, suggesting that the AAO could partly
control the SST ISV off Angola-Namibia (see Figure 17(a) later).
The large positive correlation around lag 15–20 days may then
translate into a link between ABF and AAO indices, with an overall
periodicity of 30–40 days. Although even the ABFI used here dif-
fers from the index studied in Goubanova et al. (2013), this result
confirms their hypotheses affirming that the ISV of the anticyclone
signal corresponds to the intraseasonal component of the AAO.

In addition, Figure 17(b) (see later) shows evidence of
interaction between the MJO and the SST ISV off Angola-
Namibia, through a lead/lag correlation between the ABFI
and the MJO index from Slingo et al. (1999) (i.e. the first
principal component time series of the 30–70-day OLR in the
eastern tropical Indian and western tropical Pacific (60◦E–90◦W,
30◦S–30◦N) in December–June). A large correlation is found
when the MJO index leads the ABFI by about 10 days (positive
value), and when the MJO index lags by 6–7 days (negative value),
translating into a periodicity of 30–40 days known to characterize
MJO variability. Also, the AAO is probably influenced by the
MJO, as can be seen in Figure 17(b) (see later). The MJO index is
significantly correlated with the AAO index when the latter lags by
about 10 days. Moreover, the SLP ABFI is close to the anticyclonic
pattern that forces the eastern equatorial SST index (or NECTI,
Figure 5, lag −6), supposed to correspond to fluctuations of the St
Helena anticyclone. Both patterns are indeed centred on the same
latitude (20◦S), but the SLP ABFI extends much less westward
(5◦E instead of 20◦W). The ABFI would therefore be influenced
by the three patterns (AAO, MJO and St Helena anticyclone
fluctuations) possibly interacting in a way leading to the SLP
ABFI pattern strangely persisting for more than 1 week.

The lagged linear regression of local indices of SST and wind
speed on the ABFI shows that the wind acceleration starts
about 24 days before the minimum of the SSTAs (Figure 9(a)).
Maximum correlation between the SST and wind speed anomalies
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Figure 7. (a) Seasonal cycle of the r.m.s. of equatorial SST (shading, ◦C) and wind (white contours, intervals of 0.2 m s−1) intraseasonal anomalies, averaged in the
225 km band along the African coast. (b) Normalized wavelet power spectrum of ABFI SST (colours) and wind (black contours) indices. Heavy green (resp. black)
contours show the 90% confidence level for the SST (resp. wind).
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Figure 8. Same as Figure 3, but for the ABFI: with SLP anomalies in black contours (intervals of 5 hPa) and latent surface heat flux anomalies (red contours, intervals
of 5 W m−2, plain for positive, dotted for negative). Heat fluxes are positive downward. All time series have been band-pass filtered between 30 and 80 days, and only
months from December to June are selected.

is observed when the latter leads by 4 days (with a wind stronger
than normal by about 0.4 m s−1), confirming that coastal
upwelling is forced by wind within 1–2 weeks. When the SSTA is
the coldest (around lag 0), it is clearly damped by the net surface
heat flux (a positive heat flux anomaly indicates a reduced ocean-
to-atmosphere heat flux, opposing the SST cooling) in a much
more significant way than in the equatorial region (Figure 9(b)).
Note that the decomposition of the net surface heat flux into its
radiative and turbulent contributions shows that this damping is
mostly due to the latent heat flux (not shown). A reduced surface
latent heat flux can indeed be due to a colder SST, and/or a more
humid near-surface atmosphere (not shown), although the wind
is stronger. The contribution of the horizontal advection term is

here negligible compared to that of vertical fluxes at the mixed-
layer base (the residual), in contrast to the equatorial upwelling
fronts. The vertical heat flux at the mixed-layer base is by far the
leading actor in the SST cooling. However, this term develops
(from lag −20) before the wind acceleration starts (from lag −9
onwards), suggesting that another process such as the remote
EKW and CTW influences could also drive the vertical mixing.

To investigate EKW and CTW contributions, lagged regression
of the SSH field on the ABFI along the southern wave track off
the African coast is performed (Figure 10). Parameters have been
band-pass filtered between 30- and 80-day before the regres-
sion, and only months from December to June are considered
(extending the period from November to June does not change the
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Figure 9. Same as Figure 4, but for the ABFI. All time series have been band-pass
filtered between 30 and 80 days, and months from December to June are selected.

results, but lowers their significance). The tracking clearly shows
an eastward equatorial and then southward coastal propagation, as
far south as 14◦S (Figure 10), with a phase speed estimated around
1.6 m s−1 and a negative amplitude of almost 1 cm. The signal
propagates from near (0◦E, 0◦N) to the ABFI region in about 5–6
weeks, and displays characteristics very comparable to those of the
first baroclinic modes of upwelling EKWs and CTWs described in
Polo et al. (2008). A significant coastal-wide SSTA of about−0.2◦C
follows an upwelling wave, from 7 to 26◦S (lag 0). SST over SSH
ratio is about 0.2 ◦C cm−1, in agreement with comparable regres-
sion coefficients evidenced in observations and wave simulations
in the ABF by Wade et al. (2015). When the CTW reaches the
centre of the ABF, its contribution to the SSTA is thus expected to
be around −0.2 ◦C. This is a consistent part of the total anomaly
of −0.7 ◦C (about 30% of its amplitude, or 10% of its variance).

In return, no clear hint of any wind response to the SSTA is
found. At lag 18 (i.e. when wind lags SST by 18 days), the wind
has weakened by about 0.5 m s−1 (Figure 9(a)), but this takes
too long to be attributable to any SST influence through LN or
SW mechanisms. On the other hand, as discussed previously, the
SSTA seems to feed back onto the atmosphere through damping
by surface heat fluxes (mainly the latent heat flux). The latter is
indeed widely significant along the coast, around lag 0 (Figure 8,
red contours). A very local influence of the SST on the atmosphere
could therefore be hypothesized, but this influence is not strong
enough to imprint the wind variability significantly in this season
(Figure 7(a)).

SST ISV in the southeastern tropical Atlantic basin is then
strongest around the ABF (15–18◦S) from December to June,
with most variant time-scales between 30 and 80 days, following
a local coastal wind burst (resp. lull) and the arrival of a CTW, the
SSTAs amplitude reaches − (+) 1.1 ◦C near the coast. Both coastal
wind acceleration (deceleration) and upwelling (downwelling)
CTW contribute to cool (warm) the local SST, mainly through
stronger vertical entrainment and mixing at the upwelling front.
The wind burst is associated with a regional-scale anticyclonic
SLP anomaly west of 10◦W, around the ABF, which results
from the interaction of large-scale fluctuations in the St Helena
anticyclone, the Antarctic Oscillation, and the Madden–Julian
Oscillation. The local wind explains two-thirds of the SSTAs, and
the wave the remaining third. Although a feedback of the SST on
the surface heat fluxes is detected, no clear influence on the local
surface wind is found.

5. The Senegal-Mauritania front

The diagnostic of the SST ISV off West Africa proceeds in the same
manner as for that off Angola-Namibia. However, in this region
the upwelling core is trapped to the coast only north of 12◦N.
South of 12◦N, it slightly detaches from it, because of the structure
of the bathymetry, which is wide and shallow (around 17◦W: Roy,
1989; Demarcq and Faure, 2000; Marchesiello and Estrade, 2010).
The maximum ISV location is then identified with a time–latitude
diagram of SST intraseasonal r.m.s. averaged between 16 and
18◦W south of 12◦N, and in the 225 km band off the coast north
of 12◦N (Figure 11). Maximum SST ISV reaches seasonally 0.8 ◦C
and follows the position of the climatological SST front moving in
latitude (Figure 11(a)). The front separates the warm water (above
27 ◦C) of the Atlantic warm pool eastern extension from the cold
water (below 20 ◦C) associated with the southernmost extension
of the coastal Canary upwelling system. It is in constant meridional
displacement, related to the seasonal migration of the intertropical
convergence zone. The SST gradient (roughly 1 ◦C per degree
of latitude or per ∼100 km) is very close to that in the ABF,
despite a narrower latitudinal cover. Figure 11(a) also shows that
the limits of its migration are northern Mauritania and southern
Senegal. Therefore we name it the Senegal-Mauritania Front (SMF
hereafter). To better document the air–sea interaction at the front
location, which exhibits a large seasonal cycle, two r.m.s. relative
maxima are selected in order to build the SST indices: 11–14◦N
from December to May (thereafter ‘SMF Southern Index’, or
SMFSI), and 19.5–22◦N from June to September (‘SMF Northern
Index’, or SMFNI). These maxima also coincide with those in the
r.m.s. of the surface wind velocity (larger than 1.6 m s−1), raising
then the question of the interaction type (i.e. coupled or not).

The SMFSI SST wavelet spectrum shows a maximum
between 30- and 80-day periods (November–May, Figure 11(b)).
Significant synchronous peaks for SST and winds are visible
around 40-day in DJF, advocating a strong SST–wind interaction.
The spectrum maximum for the SMFNI is in the 40–80-day
period (June to September, Figure 11(c)). However, no significant
wind variability is found at these frequencies, meaning that the
SST likely does not influence the wind locally, unless the wind
response is shifted by advection.

5.1. Lagged linear regression on the SMFSI

Before lag 0, a basin-scale pattern of wind and SLP anomaly
dominates the region (Figure 12(a)). It corresponds to a stronger-
than-normal Azores anticyclone (centred around 35◦W/40◦N)
with a strong barotropic component. This anticyclone induces
anomalously strong trade winds over the West African coast
(maximum at lag −9 in the SMFSI box, Figure 13(a)), when
the SST starts to cool, off Senegal and Guinea. As shown in
Figure 13(b), SSTAs are essentially driven by the residual in
the mixed-layer heat budget. This probably corresponds to an
increase in the wind-driven vertical mixing and diffusion, as
expected of an upwelling regime. Horizontal advection appears
to be of small impact on the SMFSI (Figure 13(b)). Regarding
SST feedback onto the atmosphere, one can notice a local tilt in
the anomalous SLP pattern as early as lag −7 (Figure 12). This
suggests that the local positive SLP anomaly in the SMFSI box
(maximum at lag 4) could correspond to an adjustment of the
pressure to the colder water below, through a local positive net
surface heat flux anomaly (seen in Figure 13(b)). However, there
is no obvious wind response to the SST anomaly (Figure 12, lags
0 and 4). Local SST and wind speed regression on the SMSFI
exhibits 12 days lag between each of their maxima, too long
to suggest the SW mechanism (Figure 13(b)). In addition, no
significant gradient in SST or SLP anomalies (not shown) are
found, meaning that no LN mechanism could be detected. The
wind anomalies appear therefore controlled by the large-scale
atmospheric circulation in the North Atlantic in agreement with
the results found in Dieng et al. (2014). Note that this large-scale
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Figure 11. Same as Figures 2 and 7, but (a) for parameters averaged in the 225 km band along the African coast, and the normalized wavelet power spectrum of
(b) the SMFSI and (c) the SMFNI.

circulation in the North Atlantic could be connected to the NAO
intraseasonal oscillation. Lead/lag correlation between the SMSFI
and the NAO shows a large negative and significant correlation
around lag −12 (Figure 17(a)). A positive phase of the NAO
(with stronger trade winds) would then force an intensification of
the southern Senegal-Mauritania upwelling about 12 days later.
Figure 17(b) (see later) also shows a significant correlation at
lag −20 in the MJO/NAO correlation, meaning that a positive
MJO would partly force a positive NAO 20 days later. However,
the MJO influence on intraseasonal NAO variations does not
appear to have an impact on frontal SST ISV, since no significant
correlation is found between MJO and SMSFI.

Regarding a possible oceanic wave forcing along the West
African coast, a clear CTW sea-surface height anomaly (SSHA)
signal emerges during the November to January period
(Figure 14). Its speed and amplitude (about 1 m s−1 for 1–2 cm)
are in agreement with those evidenced by Polo et al. (2008).
Since it is negative, this signal could contribute to the upwelling
intensification and therefore to the cold SST anomaly. The latter
reaches 0.5 ◦C between November and January (Figure 14), and
according to Wade et al. (2015), a 2 cm wave is indeed associated
with an SSTA of 0.4 ◦C.

5.2. Lagged linear regression on the SMFNI

For the northernmost position of the SMF, cold SSTAs (of nearly
1 ◦C) are preceded by a strong coastal wind jet, maximum at lag
−8 (Figure 15, and see also Figure 13(a), i.e. the regression of the
wind speed in the SMFNI box). This jet belongs to a large-scale
anticyclonic pattern, slowly moving westward from West Africa

along 26◦N. Its speed is about 0.6 m s−1, and it is also barotropic.
This pattern could be linked with the intraseasonal components
of the West African Heat-Low (WAHL) variability described by
Chauvin et al. (2010).

Figure 16(b) shows that the cooling is started by anomalous
advection (dragging southward a colder SST from the north),
and followed by a negative (therefore cooling) net surface heat
flux. The residual becomes rapidly the dominant cooling term
from lag −15 onwards, in agreement with an upwelling regime
intensification. At positives lags, the damping is driven by the net
air–sea heat flux (up to lag 10, Figure 16(b)) before the residual
takes control (from lag 10 onwards). Note that the net air–sea
heat flux decomposition shows large domination of the latent
heat flux there (not shown). A weaker wind combined with a
colder SST and maybe a more humid near-surface atmosphere
would all tend to decrease evaporation, explaining the decay of
surface heat flux and the SST warming at lag 3 (Figure 16(a)).

In conclusion, off West Africa, two relative maxima of strong
SST ISV are found, north and south of 15◦N. The southern
maximum is most active between November and May in the
30–80-day range of periodicities, and the northern one between
June and September in the 40–80-day range (Figure 11). The
coastal SSTA in the southern box is induced by an anomalous
coastal wind jet that derives from fluctuations of the large-
scale circulation in the North Atlantic (Figure 12). Although a
significant SST feedback on the SLP anomalies is observed in
the SMFSI box (Figure 12, lag 4), no robust signal is found in
the local surface wind speed. The SSTA in the northern box
also derives from a wind anomaly associated with westward
propagation along 26◦N of an anticyclonic atmospheric pattern
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Figure 12. Same as Figure 8, but for the SMFSI: all time series have been band-pass filtered between 30 and 80 days, and only months from November to May are
selected.
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Figure 13. Same as Figure 4, but for the SMFSI: all time series have been band-
pass filtered between 30 and 80 days, and only months from November to May
are selected.

coming from the continent (Figure 15). SSTAs appear thereafter
to damp this coastal wind jet, through a reduced surface heat
loss (Figure 16). However, this heat flux feedback is not strong
enough to significantly influence surface wind.

6. Summary and discussion

This article investigates the main atmospheric and oceanic causes
and consequences of SST ISV over regions of the tropical Atlantic
that exhibit the largest variance in intraseasonal SSTAs. We focus

on these regions to maximize chances of finding any active
air–sea coupling. The largest SST ISV is found over the three
main upwelling system fronts, where the climatological SST
gradients are the strongest. Two relative maxima are detected in
the northern front of the eastern equatorial upwelling (east and
west of 10◦W, in agreement with previous studies), one off the
Angola-Namibia coast and two in the Senegal-Mauritania front
(which is investigated here for the first time).

In the equatorial upwelling region, the western SST index
exhibits significant variance between 20- and 60-day periods in
June–July, with no significant peak in the corresponding wind
index. SSTAs are induced by TIW dynamics, and follow a clear
eastward propagating pattern, with weaker (stronger) local surface
wind over colder (warmer) water, causing anomalous divergence
(convergence) to their northwestern sides. The wind response
is then mainly accomplished through the SW mechanism as
already described by Caltabiano et al. (2005). However, the LN
mechanism also appears to be active, since anomalous surface
wind divergence (convergence) appears sometimes (e.g. Figure 3,
lag 0, 15◦W) centred over significant positive (negative) SLP
anomalies (O’Neil et al., 2010). Further east, the eastern SST and
wind indices present synchronous and significant peaks in the
10–20-day range in May–June–July with signature of a regional
negative feedback (as in de Coëtlogon et al., 2010).

For both regimes, the SSTAs are mainly controlled by
horizontal advection and vertical oceanic mixing. Given these
similarities and their geographical proximity, the difference in
dominant ISV time-scales appears very surprising. Jouanno et al.
(2013) have found west of 10◦W mainly characterized by free-
propagating Yanai (mixed Rossby/gravity) waves (leading to the
TIWs as discussed previously), whereas east of 10◦W they have
found very fast eastward Kelvin waves forced by the surface
wind fluctuations. The difference could therefore be due to the
mixed-layer depth, which is shallower east of 10◦W making this
region favourable to Kelvin waves rather than Yanai waves, and
increasing then the air–sea coupling at quasi-biweekly time-scales
there (de Coëtlogon et al., 2010, 2014).
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Lagged linear regression onto SMFSI (Nov-May)

Lagged linear regression onto SMFSI (Nov-Jan)
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Figure 14. Same as Figure 10, but for the tracking along the Equator (eastward) and the African coast (northward), and regressions are done onto SMFSI. Only
months from November to May are selected in (a), and from November to January in (b).
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(a)

(b)

Figure 16. Same as Figure 4, but for the SMFNI: all time series have been band-
pass filtered between 40 and 80 days, and only months from June to September
are selected.

Along the Angola-Namibia coast, only one region of strong SST
ISV is found around 16–18◦S, in the ABF front. Wavelet analysis
reveals antagonistic seasonal cycles of SST and wind variance. The
SST ISV is found to be maximum from December to June (in
the 30–80-day period range), and from June to October (with a
peak around 10 days) for the wind. As the vertical stratification
of upper oceanic levels is strongest in December–June, local
wind fluctuations (even weak) create large SSTAs (Goubanova
et al., 2013). Coastal southeasterlies connected to St Helena, AAO
as well as the MJO ISV are shown to be the main drivers of
the coastal SST cooling. The latter lasts about 25 days, mainly
through enhancement of vertical mixing and diffusion. Note that
in addition to the local wind forcing, the second barotropic mode
of EKW may also impact the cold SSTAs.

Furthermore, SSTAs appear damped by the reduction of latent
surface heat flux, and the decrease in oceanic vertical mixing that
follows the weakening of southeasterlies (after lag 5). The wind
anomalies are found to spatially coincide with the SST minimum,
but more than 2 weeks later, therefore excluding an adjustment
of the atmospheric boundary layer through the SW mechanism.
In addition, no signal is found in the SLP gradients, which implies
that the feedback of the SST on the large-scale atmospheric flow
in this region could not be detected in our study.

The ABF therefore can be seen as a place where three large-
scale atmospheric regimes interact: the MJO, the AAO (partly
controlled by the MJO) and the St Helena anticyclone, leading
to maximally variant wind fluctuations in the ABF region, with
a persistence of more than 1 week. Then, strong stratification
associated with outcropping isotherms and with the shallow
mixed layer enhances the large upwelling heat flux and surface
flux effect.

Off West Africa, the SST ISV is characterized by two regions of
strong variance, north and south of 14◦N. The southern region
(Canaries Upwelling) is most active between November and May,
and the northern one between June and September. Two main
periodicity ranges are found.

Firstly, a 30–80-day periodicity, more active over the southern
front during November–May, and within which coastal SSTAs
are mainly created by an anomalous coastal wind jet that derives
from fluctuations of the large-scale atmospheric circulation in the
North Atlantic. As in the Angola-Namibia region, the surface heat
budget reveals that the SST is mostly controlled by wind-driven
vertical mixing. Stronger winds cool down the local SST through
enhanced vertical mixing in the coastal upwelling. SSTAs are in

(a)

(b)

Figure 17. Lagged cross-correlation between (a) NAO and SMFSI indices (black)
and AAO and ABFI indices (red); (b) MJO index (Slingo et al., 1999) and SMFSI
(black plain line), NAO (black crossed line), ABFI (red plain line), and AAO (red
crossed line) indices. Dashed lines represent the 90% confidence level. All time
series have been band-pass filtered between 30 and 80 days, and only months
from November to May are selected for NAO vs. SMFSI (in (a)), MJO vs. SMFSI
and MJO vs. NAO (in (b)); and months from December to June for the others.

turn damped mainly by the latent heat flux when it is the coldest,
and by the decreased vertical mixing when the wind has become
weaker than normal (after lag 3). Horizontal advection, weak but
significant, also seems to damp the SSTAs, in agreement with a
decrease of the southward surface-water advection from further
north (where the SST is colder on average), following a decrease
of the surface wind speed. As in the Angola-Namibia region,
the local surface wind appears to be impacted by the upwelling
SSTAs. However, any significant signal is found in SLP gradients,
which suggests a lack of influence on the atmospheric circulation
at larger scale. On the other hand, the geostrophic velocity in the
heat budget shows that EKWs could also contribute to the SSTA.
However, the wave opposes the wind-driven advection effect, and
weakly sustains the cold SSTA, instead of damping it. The wave
tracking in November–March exhibits clear wave propagation
up to 14◦N, with a significant SSTA trapped between 8 and 14◦N
without any consistent significant wind anomaly to explain it.

The second range is a 40–80-day one. It is active in the
northern front in June–September. The corresponding SSTAs
mainly derive from coastal forcing of the wind associated with a
westward-propagating anticyclonic atmospheric pattern coming
from the African continent along 26◦N, with a speed phase
around 0.3 m s−1. Once they reach the coast, northeasterly
wind anomalies become a coastal jet that cools down the coastal
SST by enhancing vertical mixing in the upwelling. Then, as
in the Angola-Namibia and southern Canaries upwelling regions
(previously discussed), the cold SSTAs are damped by the reduced
latent heat flux and vertical mixing once the wind has become
weaker than normal. There again, this feedback does not appear
to significantly impact the local surface wind.
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A key result from this study is the following. Of the three main
upwelling regions in the tropical Atlantic, only the equatorial one
appears to be robustly coupled with surface wind. A potential
feedback of SST on surface heat fluxes is detected in the Senegal-
Mauritania upwelling (southern index, or SMFSI), but weak
and in a small area. The surface wind response must then
be investigated at a smaller spatial scale there. On the other
hand, it is also quite surprising not to find any clear sign of a
Madden–Julian Oscillation in SST ISV along the West African
coast, as it has been previously found to be a major component of
the tropical influence on the North Atlantic circulation (Cassou,
2008). However, the SST influence is only investigated in regions
showing an ISV maximum, thus it could be found outside of the
upwelling regions.
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de Coëtlogon G, Janicot S, Lazar A. 2010. Intraseasonal variability of the
ocean–atmosphere coupling in the Gulf of Guinea during boreal spring and
summer. Q. J. R. Meteorol. Soc. 136: 426–441.
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